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Abstract The three-dimensional time-mean density distribution in the ocean is determined not only by the timemean ﬂuxes of heat and freshwater at the sea surface, but
also by time-mean vertical currents and time-mean density ﬂuxes due to oceanic transients excited by ﬂuctuating
ﬂuxes at the sea surface. The eﬀects of these various
processes on the global density ﬁelds are assessed using a
balance equation of the variance of spatial density
anomalies and a millennium integration with an atmosphere–ocean general circulation model. It is found that
spatial density anomalies are generated by the time-mean
heat ﬂuxes at the sea surface and destroyed by the timemean surface freshwater ﬂux, by sinking of dense water
and rising of less dense water, and ﬁnally by density
ﬂuxes associated with transients. The last two processes
take place essentially in the oceanic interior. Since density ﬂuxes of transient eddies act to reduce the existing
density diﬀerences between the Atlantic/Southern
Oceans and the other oceans, their presence could aﬀect
the global density balance, and from that the thermohaline circulation and the stability of this circulation.
Keywords Time-mean density distribution  Transient
eddies  ECHAM3-LSG integration

1 Introduction
The global density distribution directly aﬀects the thermohaline circulation. If the northern North Atlantic were
not that dense, and the Atlantic not denser than the Paciﬁc
and the Indian Ocean, there would be no overturning
circulation in the Atlantic, and the global thermohaline
‘‘conveyor’’ circulation would not exist in its present form.
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One forcing for the global density distribution is the
ﬂuxes of heat and freshwater at the sea surface. The
important role of these ﬂuxes in determining the global
thermohaline circulation has been extensively investigated. Some previous numerical studies showed that
diﬀerent thermohaline circulations exist, when the density of the water in the North Atlantic is lowered by
adding extra amounts of freshwater (rain or river runoﬀ).
The sensitive dependence of the circulation on the
freshwater forcing was further quantiﬁed in terms of
hysteresis behavior (Stocker and Wright 1991; Rahmstorf 1995). The sensitivity originates from the two opposing eﬀects of the heat and freshwater ﬂuxes, which
were considered by Stommel (1961) more than 40 years
ago. The time-mean heat ﬂux is associated with a
stronger heating in the lower than in the higher latitudes.
Thus, it tends to increase the latitudinal temperature
contrast, and from that the latitudinal density diﬀerence.
The time-mean freshwater ﬂux, on the other hand, is
associated with an excess of evaporation over precipitation in the subtropics and an excess of precipitation over
evaporation in the polar regions. It tends to make the
subtropics more saline than the polar regions, and hence
to reduce the latitudinal density diﬀerence. The stability
of the thermohaline circulation depends crucially on the
balance of these two opposing surface forcings.
The heat and freshwater ﬂuxes at the sea surface are,
however, not the only forcing responsible for the threedimensional density distribution and the ensuing thermohaline circulation. There are at least two other processes capable of aﬀecting the density ﬁelds. One is
related to vertical motions. Vertical motions stabilize
(destabilize) a water column through downward movements of dense (light) water and upward movements of
light (dense) water. From an energetic point of view, this
process is related to the conversion between kinetic and
potential energy.
Another process capable of aﬀecting the three-dimensional density distribution is related to density ﬂuxes
induced by transient eddies. Generally, transient oceanic
eddies can form non-zero time-mean density ﬂuxes, in
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analogy to atmospheric transients which result in nonzero heat ﬂuxes. In the atmosphere, heat ﬂuxes due to
transients systematically transport heat poleward,
thereby reducing the latitudinal temperature gradient
and making the atmosphere more stable. In the ocean,
the eﬀect of transients on the thermohaline circulation,
due to the lack of three-dimensional data, is essentially
unknown. The situation is also more complicated than
in the atmosphere. Oceanic transients can be produced
both internally through instability processes, as in the
atmosphere, and externally through ﬂuctuating ﬂuxes at
the sea surface. The eﬀect of the former on the threedimensional density distribution and the consequent
thermohaline circulation has to be studied using an eddy-resolving model of global oceans. This requires heavy
computations and will not be considered here. The latter
can be obtained using a present-day global atmosphere–
ocean general circulation model (AO-GCM). Such a
model generally contains a coarse-resolution oceanic
GCM, which, when driven by climatological ﬂuxes,
produces little internal variability, and an atmospheric
GCM, which resolves the major part of atmospheric
eddies (i.e., synoptic variations). Within such a coupled
model, no matter whether or not the oceanic component
alone produces variations, the ﬂuctuating ﬂuxes could
act as a stochastic forcing and excite additional variations (Hasselmann 1976). The eﬀect of these externally
excited variations on the mean density distribution can
then be studied using an integration obtained from the
coupled model.
The purpose of this paper is to assess the eﬀects of the
time-mean ﬂuxes of heat and fresh-water at the sea
surface and the above-mentioned two processes in generating or destroying spatial density anomalies. A millennium integration of the ECHAM3-LSG GCM (Voss
1996; Voss et al. 1998) is considered for this purpose.
The atmospheric part of the coupled model is the
ECHAM3 model in T21 resolution. It resolves the major
atmospheric eddies. The oceanic component is the LSG
model (Maier-Reimer et al. 1993). It is based on the
hydrostatic and Boussinesq approximations plus a further simpliﬁcation which neglects the advection in the
momentum equations. The LSG model has an eﬀective
resolution of about 4 latitude by 4 longitude. The
ECHAM3-LSG GCM and the performance of this
model in simulating oceanic circulation are described by
Voss (1996) and von Storch et al. (2000). The LSG
model does not resolve oceanic eddies and will produce
an essentially stationary solution when driven by steady
surface forcing. Oceanic variations in the coupled integration are therefore externally generated. Delworth and
Greatbatch (2000) showed that the multidecadal thermohaline variations in their coupled GCM are essentially generated by surface heat ﬂux forcing from the
atmosphere. In the ECHAM3-LSG run, the externally
generated variations reveal diﬀerent spectral behavior
(von Storch et al. 2001). While variations in the upper
ocean are essentially white on time scales longer than
one year, the spectral power of variations in the deep

ocean increases with increasing time scales, suggesting
pronounced variations on time scales of decades to
centuries. The characteristics of these variations are
comparable to those produced by other AO-GCMs (von
Storch et al. 2000).
To assess the relative importance of processes responsible for the density distribution, an equation describing the maintenance of the variance of spatial
density anomalies is given in Section 2. According to this
equation, the contributions from four diﬀerent processes
are estimated using the ECHAM3-LSG integration in
Section 3. Discussions and conclusions are given in the
ﬁnal section.

2 The balance equation
In the following, density q will be decomposed spatially
and temporally into
 þ q0 ¼ ½
 þ q0 ;
q¼q
q þ q

ð1Þ

where  , ½ , ¢ and * are operators which are applied on
density q.  denotes the Rtime mean and ½  is the area
average deﬁned by ½  ¼ A1z S dS with AzR being the global
oceanic area at a given depth z and S dS being area
integral.  and 0 are deviations from the global area
average and time mean. The quantity of special interest
 , which represents the time-mean spatial
here is q
density anomalies (hereafter referred to as spatial density
anomalies). It reﬂects important density features, such
as the density contrast between the Atlantic and the
Paciﬁc and the density diﬀerences within the North
Atlantic. The maintenance of spatial density anomalies is
2 , or the balance
described by the balance equation of q
equation of

Z 
1
d½qh  1 2
 dV ;
g
ð2Þ
q
Pm ¼
2 V
oz
R
where V dV indicates the volume integral over the
h
oceans; g is gravity; qh is local potential density; d½q
oz is
related to the mean local static stability. The
 calculation

of dqh is described below in Eq. (5).

g

d½qh 
oz

1

is a

positive quantity and gives a stable layer more weight
than a less stable layer. In the ECHAM3-LSG integrah
tion, the amplitude of d½q
oz decreases with increasing
depth in the upper 700 m and becomes very small below
1000 m. The proﬁle suggests that the model oceans are
statically most stable in the uppermost
layer and almost
R d½qh  1 2
1

neutral below 1000 m. 2 V g oz
q dV represents
an approximative form of the available potential energy
(Oort et al. 1989; Huang 1999).
If a process generates spatial density anomalies, no
matter whether positive or negative, it will lead to an
2 and consequently an increase in Pm . If a
increase in q
process destroys spatial density anomalies, it will lead to
2 and Pm .
a reduction in q
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To obtain the balance equation of Pm , one needs to
consider the density equation. In the LSG model, the
prognostic variables are salinity, S, and potential temperature, h. The model converts the latter to temperature
T using T ¼ h þ cz with c being a constant. The density
is calculated using the UNESCO formulas (UNESCO
1981). At a given level, q ¼ q½T ; S; pðzÞ, where pðzÞ is a
depth-dependent pressure. One has
 
 
 
dq
op
dh
oq
dS
oq
¼
þ
þ
w :
ð3Þ
dt
oh S;p dt
oS h;p dt
oz S;h
Substituting the equations of h and S (see Maier-Reimer
et al. 1993) into Eq. (3), the density equation reads:
oq
¼
ot

dq
B
v h  rh q w h þ
Dzs
oz
 
 
oq
oq
þ Ad
Dh þ Ad
DS :
oh S;p
oS h;p

0

ð4Þ

The quantity on the left-hand side equals dqh divided by
oz where dqh , at a level z, is the diﬀerence between potential densities in the neighboring layers (above and
below z) referred to z and oz is the depth of the two
neighboring layers. Ad is the diﬀusion coeﬃcient. For the
sake of simplicity, a distinction between vertical and
horizontal diﬀusion is not made. The forcing, B,
 
 
oqs
H
oqs
B¼
Ss F
ð6Þ
oh S;p qs cw
oS h;p
occurs only in the surface layer, whose thickness is Dzs .
qs is the density and Ss is the salinity at the sea surface. H
and F are the downward ﬂuxes of heat and freshwater.
When decomposing qh , q, and ðoq
oz ÞS;h in Eq. (5) temporally and spatially and applying the time and area
average on the result, one obtains
"  #
d½qh  o½
q
oq
¼
:
ð7Þ
oz
oz
oz S;h
Similar relations hold for the time (or area) averages of
qh , q, and ðoq
oz ÞS;h . Using these relations and the full
Eq. (5), one ﬁnds furthermore
 0
0
0
dqh oq
oq
¼
ð8Þ
oz S;h
oz
oz
and


oq
oz


:

q ¼ 0, is used. v ¼ v þ v is the threewhere the fact, rh ½
dimensional velocity vector and r3 is the three-dimensional Nabla operator.
For
each model layer, Eq. (10) is multiplied with
 
g

vh is the horizontal velocity vector and rh is the horizontal Nabla operator. In the derivation of Eq. (4), the
following relation is used
 
dqh oq
oq
¼
:
ð5Þ
oz
oz S;h
oz

dqh  o
q
¼
oz
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time and area average, one obtains after making use of
Eqs. (8)–(9),
o 1 2
½
q B 
d½q 
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Decomposing the variables in Eq. (4) temporally and
 and taking the
spatially, multiplying the result with q

1

d½qh
oz

Az Dz with Dz being the layer thickness. In-

tegrating the result from
R R layer to the surface
R
R the bottom
layer and noting that z Az ½  dz ¼ z S ds dz equals V dV
and the volume integral of the last two terms in Eq. (10)
vanishes, one obtains the equation of Pm
oPm
¼ G1 þ G2 þ G3 þ G4 þ D ¼ 0
ot
with


Z
d½qh  1 ao
 H dS
q
G1 ¼ g
oz s cw s s


Z
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s
Z
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  dV
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q
oz
oz h;S
V

 0
Z 
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ð16Þ
q
oz
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V
R
where s dS is the integral over the sea surface. Quantities denoted by the subscript o indicate constants. In the
derivation of Eq. (12) and Eq. (13), it is assumed that
the density at the sea surface depends
linearly on tem

G4 ¼

Z 

g

1 oq
perature
 and salinity. Thus, qs oh S;p is approximated by
oq
ao , oS
by bo qo . Ss and the speciﬁc heat cw in Eq. (6)
h;p
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are assumed to be constant. We take a ¼ 0:2  10 3
K 1 ; bo qo ¼ 0:8  10 3  1029 psu 1 kg m 3 ; So ¼ 35
psu, and cw ¼ 400 J kg 1 K 1 .
G1 describes the generation and destruction of spatial
density anomalies (
q2 ) through heat and freshwater
h
2
ﬂuxes at the sea surface. Note that d½q
oz is negative. q are


generated by a downward heat ﬂux (positive H ) or an
excess of precipitation (positive F ) over light water
  ), and destroyed when these
(characterized by negative q
ﬂuxes occur over dense water (characterized by positive
 ). G3 represents the generation of spatial density
q
 2 are
anomalies through time-mean vertical motions. q
generated by upward motions in regions with dense water or downward motions in regions with light water. G4
describes how density ﬂux of transients, q0 v0 , generates or
2 are generated
destroys spatial density anomalies. q
0 0
q , and
when the density ﬂux q v is in the direction of r
0 0
q .
destroyed when q v is in the opposite direction of r
D includes not only the eﬀect of eddy diﬀusivity, but

also processes related to spatial correlations between q
and vertical advection of density. As the LSG model
computes the advection of temperature and salinity using an upwind discretization method, which has a high
inherent numerical diﬀusivity, the eﬀect of diﬀusion is
diﬃcult to estimate. In the following, D will not be
further speciﬁed, but treated simply as the residual of
Eq. (11).
When using Pm as an approximation of the available
potential energy of the time-mean circulation, G1 and
G2 describe the generation and destruction of this energy
through time-mean ﬂuxes at the sea surface. G3 corresponds to the conversion between this energy and the
kinetic energy of the time-mean circulation. G4 represents the conversion between the available potential
energy of the time-mean circulation and that of the
transients.

3 Effects of various processes on the three-dimensional
density distribution in the ECHAM3-LSG integration

surface (G1 and G2), through the time-mean vertical
motions (G3) and through the density ﬂuxes induced by
transients (G4). The values suggest that from a global
point of view, spatial density anomalies are generated by
the time-mean heat ﬂux at the sea surface. All other
processes (G2; G3, and G4) act to reduce spatial anomalies in the density ﬁelds. Furthermore, the amplitudes
of G1 and G3 are of the order of 1011 W, whereas those
of G2 and G4 are of the order of 1010 W. Thus, the
generation of spatial density anomalies is, to a considerable extent, balanced by the destruction through vertical motions. To understand the processes behind these
global integrals, spatial distributions of the responsible
quantities are considered below.
3.2 The role of time-mean heat ﬂuxes
at the sea surface
The time-mean density anomalies in the ﬁrst model layer
(
qs ) have largest negative values in the tropics (Fig. 1).
These anomalies increase poleward and become positive
poleward of about 30 . The largest anomalies are located in the northern North Atlantic and in the Southern Oceans. The time-mean heat ﬂux at the sea surface
(Fig. 2a) acts to enhance the density contrast between
the tropics and the high-latitude regions. This is done by
downward heat ﬂuxes (positive H ) in the tropics where
 is negative, and upward heat ﬂuxes (negative H ) in
q
the northern North Atlantic and in the region north of
 is positive. Spatial density
the Antarctic where q
anomalies generated by these heat ﬂuxes are indicated by
maxima of positive values in Fig. 2b.
Table 1 Integrals G1 to G4 , as deﬁned in Eqs. (12)–(15). Units are
1010 W
G1

G2

G3

G4

46.55

)2.81

)39.86

)1.97

To assess the relative importance of various processes in
generating and destroying spatial density anomalies, G1,
G2, G3, and G4 and the global distributions of quantities
related to G1–G4 are calculated from the ECHAM3LSG integration. In the analysis given below, time
means referred to averages over the integration period of
1000 years. Transients are deﬁned as deviations from
these averages. They represent variations on both seasonal and nonseasonal time scales. In the deep ocean,
the latter represents essentially variations on time scales
of decades to centuries.
3.1 The global integrals
Table 1 represents the global integrals of the generation
and destruction of spatial density anomalies through
the time-mean ﬂuxes of heat and freshwater at the sea

Fig. 1 Global distribution of time-mean spatial anomalies of density,
 , in the uppermost layer. Units are kg m 3 . Areas with negative
q
values are shaded

15

Fig. 2a, b Global distributions of a time-mean spatial anomalies of
heat ﬂux, H , and b the generation of density anomalies through H ,
  1
ao  
2
h

g d½q
and the latter in 1010 W.
oz
cw qs H . The former is in W m
s

Shaded areas indicate regions with negative ﬂuxes (i.e., upward) in a
and a destruction of spatial density anomalies in b

3.3 The role of time-mean freshwater ﬂuxes
at the sea surface
The eﬀect of the time-mean freshwater ﬂux on spatial
density anomalies is shown in Fig. 3a and b. In most of
 is
the subtropical Paciﬁc and Atlantic where negative q
found in Fig. 1, the ocean exports freshwater to the atmosphere (F is negative). In the storm track regions
 is found, particularly in the northern
where positive q
North Atlantic and in the region south of 50 –60 S, the
ocean receives freshwater from the atmosphere (F is
positive). These freshwater ﬂuxes reduce latitudinal
density diﬀerences and destroy spatial density anomalies
(shaded areas in Fig. 3b). However, freshwater ﬂuxes
can also generate density anomalies. This is, in particular, the case in a narrow zonal band just north of the
equator in the Paciﬁc, where the ITCZ of the ECHAM
atmosphere is located. In this region, precipitation
dominates evaporation over relatively light water,
making the water still lighter. A generation of density
anomalies through freshwater ﬂuxes is also found in the

Fig. 3a, b Global distributions of a time-mean spatial anomalies of
freshwater ﬂux, F , and _b the generation of density anomalies
1
 sF . The former is in m s 1
through freshwater ﬂux, g d½qh bo qo So q
oz s

and the latter in 1010 W. Shaded areas indicate regions with negative
ﬂuxes (i.e., upward) in a and a destruction of spatial density anomalies
in b

Atlantic between 30 and 45 N, where net evaporation
occurs over relatively dense water. Table 1 shows that
the net destruction dominates the net generation. Thus,
from a global point of view, the freshwater ﬂuxes act to
reduce spatial density anomalies.
3.4 The role of time-mean vertical motions
In contrast to the ﬂuxes of heat and freshwater which,
according to Eq. (1), aﬀect only density anomalies in the
surface layer, vertical motions can alter density distribution not only in the surface layer, but also in the
oceanic interior. Generally, the role of vertical motions
changes from a weak productive one in the upper layers,
where the wind-driven circulation dominates, to a strong
destructive one in the deeper layers at 1000 to 4000 m,
where thermohaline circulation prevails.
Consider ﬁrst the situation in the surface layer. A
comparison of the distribution of x (Fig. 4a) with that
 (Fig. 1) shows that light water sinks in the subof q
tropics and dense water rises in regions near 50 –60 .
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Fig. 5 Vertical proﬁle of g
q w . Unit is 1010 W

Fig. 4a, b Global distributions of a time-mean spatial anomalies of
  (bottom) in
vertical velocity (top) in the uppermost layer and b g
q w
the same layer. Shaded areas indicate regions with downward velocity
in a and regions where spatial density anomalies are destroyed by
  is in m s 1 and the conversion in 1010 W
vertical motions in b. w

These vertical motions lead to a generation of spatial
density anomalies. A destruction is found in the equatorial regions, in particular in the equatorial Paciﬁc,
where density anomalies are reduced by strong upward
motions (Fig. 4b). Apart from these equatorial vertical
motions, the distribution of w coincides essentially with
the distribution of the negative (positive) curl of zonal
wind stress in the Northern (Southern) Hemisphere (not
shown). Thus, extratropical vertical motions represent
essentially the Ekman pumping induced by wind forcing.
From an energetic point of view, the generation of
spatial density anomalies through the extratropical vertical motions corresponds to a conversion of kinetic
energy, which is generated by surface wind stress, into
potential energy.
When integrated over the area of the surface layer, a
net generation of spatial density anomalies through timemean vertical motions is found. As demonstrated by the
  integrated over each model layer
vertical proﬁle of g
q w
(Fig. 5), the productive role of vertical motions diminishes quickly with increasing depth. Below 150 m, a
strong destruction of spatial density anomalies is found,
with a maximum being located at 1000 to 2000 m.

The destruction of density anomalies involves vertical
motions which are part of the mean thermohaline circulation. At 1000 to 2000 m depth, the mean thermohaline circulation, as described by the zonally averaged
streamfunction (von Storch et al. 2000), is related to
downward motions in the North Atlantic and Southern
Oceans, and upward motions in the Paciﬁc and the In
dian Oceans. Consistent with this, negative values of w
are found in the North Atlantic and Southern Oceans
(shaded areas in Fig. 6b) and positive values in the
Paciﬁc and the Indian Ocean (white areas in Fig. 6b). As
the Atlantic and the Southern Oceans are more dense
than the Paciﬁc and part of the Indian Ocean (Fig. 6a),
the vertical motions shown in Fig. 6b act to reduce the
interbasin density contrast (shaded areas in Fig. 6c).
From an energetic point of view, the reduction of globalscale density anomalies indicates a conversion of potential energy into kinetic energy through the time-mean
thermohaline circulation.
3.5 The role of the time-mean density ﬂuxes
induced by transients
Similarly to vertical motions, density ﬂuxes induced by
transients can aﬀect the density ﬁelds in the oceanic interior. When integrated over the each model layer, a
destructive role of q0 v0 is found throughout the whole
depth of the ocean. This is shown by negative values in
Fig. 7. When decomposing the total variations (solid
line, Fig. 7) into variations on seasonal (dashed) and
nonseasonal (dotted) time scales, one ﬁnds that the reduction of spatial density anomalies through density
ﬂuxes associated with seasonal variations is signiﬁcant
only in the surface layer. Below 1000 m, the contribution
from seasonal variations is negligible relative to that
from nonseasonal low-frequency variations.
Furthermore, the process responsible for the reduction of spatial density anomalies through seasonal
transients in the surface layer is diﬀerent from that
through nonseasonal variations in the deep oceans. For
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  1
 . The contribution
Fig. 7 Vertical proﬁles of g d½qh
q0 v0 r  q
oz
from the total transients (solid line) is decomposed into a part related
to seasonal (long-dashed) and nonseasonal (short-dotted) variations.
The numbers represent the total contribution (top), the seasonal
(middle), and the nonseasonal (bottom) contribution in the uppermost
layer. Units are 1010 W

 , b w
  , and
Fig. 6a–c Global distributions of time-mean values of a q
  in the layer at 1000 m depth. Shaded areas indicate regions
c g
q w
 is in kg m 3 , w
  in m s 1 and the quantity
with negative values. q
g
q w in 1010 W

the former, the most signiﬁcant contribution of the reduction of Pm comes from the meridional density ﬂux
q0 v0 , which represents the covariance between variations
of q and v on seasonal time scales (Fig. 8a). In the region
from about 25 S to 20 N, where trade winds prevail,
positive values of q0 v0 are found in the Northern Hemisphere and negative values of q0 v0 in the Southern
Hemisphere. Poleward of this tropical region, where
westerlies prevail, a band of equatorward density ﬂux is

found in each hemisphere. These zonally oriented
structures indicate that the meridional density ﬂuxes
result essentially from the meridional Ekman transports
induced by the seasonally varying zonal wind stresses at
the sea surface. As the annual cycle is most pronounced
in the Northern Hemisphere, the equatorward density
ﬂuxes have larger amplitude in the North Paciﬁc and
North Atlantic than in the southern oceans.
 in the uppermost layer
The meridional gradient of q
is shown in Fig. 8b. In the Northern Hemisphere,
poleward density ﬂuxes are, to a large extent, located in
  is negative
regions where the meridional gradient of q
and equatorward ﬂuxes in regions where the meridional
 is positive. The opposite is found in the
gradient of q
most of the Southern Hemisphere. As these meridional
density ﬂuxes are down the density gradient, spatial
density anomalies are reduced (shaded areas in Fig. 8c).
The density ﬂuxes of transients on seasonal time
scales account for only about one half of the value of G4
given in Table 1. The other half results from transients
on nonseasonal time scales in the oceanic interior (shortdashed line in Fig. 7). As pointed out in the Introduction, these transients represent variations on time scales
from decades to centuries excited by ﬂuctuating surface
forcing. Large contributions come from the vertical
density ﬂux q0 w0 in the interior at 1000 m depth.
The situation at 1000 m depth is shown in Fig. 9. The
vertical density ﬂux due to nonseasonal transients is
upward in the Paciﬁc and the Indian Oceans, but
downward in the North Atlantic and in the region north
of the Antarctic (Fig. 9a). On the other hand, the vertical
 (Fig. 9b) is positive in the Atlantic and the
gradient of q
southern Indian Oceans and negative in the Paciﬁc and
the subtropical Indian Oceans. That is, relative to the
mean density ½
q, the density decreases with depth in the
Atlantic and the southern Indian Oceans, but increases
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Fig. 8a–c Global
of a q0 v0 , b the meridional gradient of
 distributions
1
0 0
d½qh


 for the uppermost layer. Shaded areas
 , and c g oz
qvrq
q
indicate regions with negative values. Units are, respectively, kg m 2
s 1 , kg m 4 , and 1010 W

with depth in the Paciﬁc and the subtropical Indian
Oceans. This indicates that the Paciﬁc and the Indian
Oceans are more stable when compared with the Atlantic and the most part of the Southern Oceans. The
vertical density ﬂuxes shown in Fig. 9a act to reduce this
interbasin density diﬀerence. By doing so, density
anomalies are reduced on a global scale (shaded areas in
Fig. 9c).

Fig. 9a–c Global distributions of the following three quantities in the
0
0

layer
 at 1000 m: a q w , b the vertical gradient of q , and c
g

d½qh
oz

1

  . Shaded areas indicate regions with negative
q0 v0 r  q

values. Units are, respectively, kg m

2

s 1 , kg m 4 , and 1010 W

4 Conclusions and discussions
4.1 Conclusions
The eﬀects of four processes on the three-dimensional
time-mean density distribution are assessed using the
ECHAM3-LSG integration. The results suggest that the
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maintenance of the three-dimensional density anomalies
involves the generation through the time-mean surface
heat ﬂux on the one hand, and the destruction through
the time-mean surface freshwater ﬂux, time-mean vertical motions, and interior density ﬂuxes of transients on
the other.
The generation operates through the diﬀerential
heating at the surface that makes light tropical water
lighter and dense water in the northern North Atlantic
and north of the Antarctic more dense. Most of such
generated density anomalies are destroyed through the
time-mean vertical motions in form of sinking of relatively dense water in the North Atlantic and the
Southern Oceans and rising of less dense water in the
Paciﬁc and Indian Oceans. These vertical motions effectively reduce the density diﬀerences in the oceanic
interior. When integrated over the entire volume of
oceans, the reduction through this process is of the same
order as the generation through the time-mean surface
heat ﬂux. In addition to this process, spatial density
anomalies are further reduced, though to a much smaller
extent, by the time-mean freshwater ﬂux at the sea surface and by the interior density ﬂuxes associated with
transients. The former results essentially from the
freshening (excess of precipitation over evaporation)
over the northern North Atlantic and the Southern
Oceans. The latter can be split into contributions from
density ﬂuxes induced by seasonal and nonseasonal
variations. The annual cycle in zonal surface momentum
ﬂuxes leads to meridional Ekman transports and hence
meridional density ﬂuxes. These ﬂuxes act to reduce the
meridional gradient of the time-mean density distribution in the surface layer. The other contribution comes
from low-frequency variations in the oceanic interior.
These transients organize themselves in such a way that
the associated density ﬂuxes systematically stabilize the
water in the northern North Atlantic and in the region
north of the Antarctic and destabilize the water in the
Paciﬁc and the Indian Ocean. Due to these vertical
density ﬂuxes, the existing density diﬀerences between
diﬀerent ocean basins are further reduced.
When Pm is considered as an approximation for the
available potential energy of the time-mean circulation,
the above results can be interpreted as the following. The
time-mean heat ﬂux at the sea surface is the source,
while the other processes are sinks of the available potential energy. Pm generated by the heat ﬂux is partly
destroyed by the time-mean fresh water ﬂux, partly
converted into kinetic energy of the time-mean circulation through vertical motions, and partly converted into
available potential energy of the transients through the
interior density ﬂuxes.
4.2 Implication for the stability
of the thermohaline circulation
By adding extra amounts of freshwater into the North
Atlantic, Mikolajewicz and Maier-Reimer (1994) and

Schiller et al. (1997) studied the stability of the LSG ocean
in an ocean-only mode using climatological ﬂuxes and in
a coupled mode. They found the thermohaline circulation
in the coupled model responses less sensitive to additional
changes in the external forcing and more stable relative to
that in the ocean-only model. They suggested a few
stabilizing processes. Another explanation could be that
the coupled model generates surface ﬂuxes that contain
not only a time-mean component, but also a ﬂuctuating
one, which excites variations in the oceanic interior. The
associated density ﬂuxes contribute to a reduction of
interbasin density diﬀerences and lead to a more stable
density distribution and thereby to a more stable
thermohaline circulation. Clearly, further studies are
required to clarify the role of externally excited variations
on the stability of thermohaline circulation.
4.3 Other model estimates of the role
of vertical motions
Oort et al. (1994) considered a few model estimates of
the G3 term. They found that the sign of G3 depends on
the strength of the lateral diﬀusion of heat relative to
other diﬀusions. G3 tends to be negative for a weak, but
positive for a strong horizontal diﬀusion of heat. The
present study considers only one integration and is
therefore unable to answer the question of whether
similar dependence will also be produced by the LSG
model. However, the analysis does indicate why the role
of vertical motions changes with varying strength of the
diﬀusion of heat.
It has been shown that density anomalies are mainly
generated through the heat ﬂux at the sea surface. This
generation cannot be balanced by the freshwater ﬂux at
the sea surface, as the latter is 1 order of magnitude
smaller than the former. A similar result was obtained
by Oort et al. (1994) using observational data. There are
two ways to balance this generation of spatial density
anomalies. First, the generation can be directly balanced
by the diﬀusion of heat. This happens when the diﬀusion
of heat dominates that of momentum. In this case, a
positive G3 is required. This is because the generation of
kinetic energy through the surface wind stress also has to
be balanced. As the diﬀusion of momentum is weak, a
balance is only possible through vertical motions that
convert kinetic energy into potential energy, resulting in
a positive G3. Secondly, the generation of density
anomalies through heat ﬂux can also be balanced by a
negative G3. This happens when the diﬀusion of momentum dominates the diﬀusion of heat. Instead of being directly dissipated through diﬀusion of heat, density
anomalies are reduced through vertical motions that
convert potential energy into kinetic energy, which is
subsequently dissipated through the strong diﬀusion of
momentum. This is the case found in the ECHAM3LSG integration.
Generally, given a realistic surface forcing (which is
ensured by the ﬂux corrections in the ECHAM3-LSG
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integration), the heat and freshwater ﬂuxes at the sea
surface result in a net generation of spatial density
anomalies. This generation can be balanced in diﬀerent
ways, depending on the relative strengths of diﬀusions
implemented in the model. The present study describes
only the situation in the oceans produced by the ECHAM3-LSG model. For the understanding of the establishment of the mean density distribution and the
resulting maintenance of the global thermohaline circulation in the real world, one needs improved AO-GCMs
which resolve the bulk of oceanic eddies so that the
strength of diﬀusions can be signiﬁcantly reduced. In
addition to this, analyses of model integrations need to
be carefully carried out. Such analyses can be powerful,
when they are performed within a proper theoretical
framework. Here, an equation of density variance is
used as a theoretical basis. One can also study the density distribution within the framework of the full energy
cycle, thereby using a more correct deﬁnition of the
available potential energy (Huang 1999). Such an analysis will be more complete and should be considered in
future work.
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